The oceanic response to overflows is explored using a two-layer isopycnal model. Overflows enter the open ocean as dense gravity currents that flow along and down the continental slope. While descending the slope, overflows typically double their volume transport by entraining upper oceanic water. The upper oceanic layer must balance this loss of mass, and the resulting convergent flow produces significant vortex stretching. Overflows thus represent an intense and localized mass and vorticity forcing for the upper ocean. In this study, simulations show that the upper ocean responds to the overflow-induced forcing by establishing topographic ␤ plumes that are aligned more or less along isobaths and that have a transport that is typically a few times larger than that of the overflows. For the topographic ␤ plume driven by the Mediterranean overflow, the occurrence of eddies near Cape St. Vincent, Portugal, allows the topographic ␤ plume to flow across isobaths. The modeled topographic ␤-plume circulation forms two transatlantic zonal jets that are analogous to the Azores Current and the Azores Countercurrent. In other cases (e.g., the Denmark Strait overflow), the same kind of circulation remains trapped along the western boundary and hence would not be readily detected.
The interaction between the upper ocean and overflows
Marginal seas that have a topographically restricted exchange with the open ocean are favored places to form dense water in response to air-sea cooling and evaporation (Bryden and Stommel 1984) . This dense water spills through the connecting strait and over the sill from the marginal sea into the open ocean as bottom-trapped gravity currents called "overflows" (Fig.  1) . The Denmark Strait, the Faroe Bank Channel, the Mediterranean Sea, the Red Sea, and the Filchner Bank overflows are known to be major sources of deep water for the global ocean (Warren 1981) .
a. How does the upper ocean interact with an overflow?
The importance of overflows in determining deepocean properties has been acknowledged for some time and has motivated efforts to understand their mixing dynamics (e.g., Whitehead et al. 1974; Candela 2001) . But overflows must also affect the overlying oceanic layer. The Mediterranean overflow, for example, entrains about 2 Sv (1 Sv ϵ 10 6 m 3 s
Ϫ1
) of overlying Atlantic Ocean water while descending the continental slope (Price et al. 1993) . The presence of an overflow implies a localized mass loss for the upper ocean, so the upper oceanic layer must balance this mass loss and respond to the vortex stretching associated with entrainment. This aspect of overflow-upper ocean interaction has not been investigated much in the past, and indeed process models have often assumed the ambient ocean to be an inactive background field (Smith 1975; Baringer and Price 1997) . This assumption leads to a greatly simplified model of the overflow (essentially, one active layer), but it certainly cannot be valid for the upper ocean.
Laboratory experiments have shown that overflows are capable of inducing a strong upper-layer motion (e.g., Whitehead et al. 1990; Etling et al. 2000) , and three-dimensional primitive equation models also show overflows inducing an upper-layer motion through baroclinic instability (Jiang and Garwood 1996) and the formation of barotropic cyclones (Spall and Price 1998) . Of most relevance here, Jia (2000) suggested that the formation of the Azores Current within an ocean general circulation model (GCM) depended on the presence or absence of a representation of the Mediterranean overflow-induced density field in the Gulf of Cadiz. The Azores Current is a zonal flow of 7-13 Sv in the upper ocean between 32°and 35°N (Stramma 1984; Klein and Siedler 1989; Alves and De Verdière 1999) . It branches from the Gulf Stream and flows across the Atlantic Ocean as far eastward as the Gulf of Cadiz (Fig. 2) . The GCM of Jia (2000) parameterized the Mediterranean overflow by imposing a sponge layer that restored the ocean-density profiles near the Strait of Gibraltar toward climatology (Levitus 1982) . Thus the potential impact of an overflow on the large-scale upper-ocean circulation was established, though the dynamics of the upper ocean-Mediterranean overflow interaction were not revealed.
b. Modeling the Mediterranean overflow and the overlying ocean
The overflow and overlying ocean that are modeled in this paper are set in a parameter space close to that of the Mediterranean overflow in the Gulf of Cadiz. We use a two-layer isopycnal model, and the important bottom bathymetry used in the basic case experiment, hereafter case 1, is from Smith and Sandwell (1997) .
The boundaries are closed (Fig. 3) , except where the Mediterranean overflow enters the open ocean with a transport of 1 Sv; the overflow then entrains 2 Sv of upper-ocean water near the Strait of Gibraltar. A reservoir created on the western end of the ocean basin balances mass in the model so that the total mass in each layer is conserved (see more details in the next section). The principal result (Fig. 3 ) is that this model of the Mediterranean overflow is found to establish a cyclonic circulation in the upper layer having a transport that is similar to the Azores Current and the Azores Countercurrent. This experiment thus indicates that an idealized Mediterranean overflow is indeed capable of inducing a significant upper-layer circulation that extends well into the open ocean.
c. Observations of the Azores Current and the Azores Countercurrent
The title Azores Current is usually applied to a zonal current that crosses (at least) the eastern half of the North Atlantic between 32°and 35°N (Fig. 2) . The associated density field is known as the Azores Front and plays an important role in the subduction process in the eastern North Atlantic and its subtropical gyre (Rudnick and Luyten 1996; New et al. 2001) . The position of the current is known to be a region of high eddy kinetic energy (Le Traon and De Mey 1994) , which is thought to be a result of baroclinic instability (Kielmann and Käse 1987) . The current is strongest near the surface and meanders with a wavelength of about 100 km and a phase speed of about 5 cm s
Ϫ1
, close to that of a planetary Rossby wave. As the Azores Current approaches the eastern boundary, it bifurcates into a southward branch that joins the southward-flowing Canary Current and an eastward branch that flows into the Gulf of Cadiz. Paillet and Mercier (1997) estimated from an inverse model that the southward branch has a transport of about 6 Sv and the eastward branch about 4 Sv; our model results are consistent with this latter eastward branch.
The Azores Countercurrent is a westward current that is found to the north of the Azores Current at about 38°N (Onken 1993) . The origin and the transport of this current are unclear, but Alves and De Verdière (1999) estimated its annual mean transport to be 2 Ϯ 1 Sv using National Oceanographic Data Center hydrographic data. This is somewhat less than the transport associated with the Azores Current and not large compared with the mesoscale variability of transport (or dynamic height) observed in this region.
In the northern half of the Gulf of Cadiz, quasisynoptic measurements appear to show a cyclonic up- per-ocean circulation that may be connected to the Azores Current and the Azores Countercurrent. The absolute velocity measurements made during the Sortie des Eaux Mediterranean en Atlantique Nord-East (SEMANE) experiment show a westward flow at depths between 100 and 180 m above the Mediterranean overflow (Mauritzen et al. 2001) . The geostrophic velocity field obtained in GOLFO 2001 also shows a similar westward flow above the Mediterranean overflow (Criado-Aldeanueva et al. 2006) . Mauritzen et al. (2001) further estimated using hydrography data that this westward flow has a transport of about 4.6 Sv, while an eastward flow of about 7.7 Sv enters the Gulf of Cadiz in the interior. The eastward flow in the interior of the Gulf of Cadiz, with a transport larger than what is required to balance the mass lost to the Mediterranean overflow below, has also been observed by Ochoa and Bray (1991) . In the southern half of the Gulf of Cadiz, a weaker anticyclonic circulation exists with a transport of about 1-2 Sv (Machín et al. 2006) .
d. Hypotheses about the driving mechanism of the Azores Current
The following are two hypotheses about the driving mechanism of the Azores Current: The first is that the Azores Current is driven by wind stress. Käse and Krauss (1996) suggested that the Azores Current may be an extension of the Gulf Stream that flows along the weak wind-forced region of the subtropical gyre south to the line of zero wind stress curl. However, this transition region from subtropical to subpolar gyre appears too broad (Ϯ20°) to create and support a narrow jet like the Azores Current (Ϯ2°). GCMs also appear incapable of simulating the Azores Current from wind stress (Paiva et al. 2000; Jia 2000) . The second hypoth- esis, first posed by Jia (2000) , is that the Azores Current is driven by the Mediterranean overflow. Özgökmen et al. (2001) further suggested that the Azores Current is a branch of the planetary ␤ plume driven by entrainment to the Mediterranean overflow. Their 1.5-layer reduced gravity model of the upper ocean showed an eastward jet of 10 Sv and a westward jet of 8 Sv, analogous to those observed for the Azores Current and the Azores Countercurrent. However, the match of the transport estimates in the model to observations is likely to have been a consequence of prescribing an entrainment region adjacent to the eastern boundary wall such that dissipative effects are of first-order importance. Absent this dissipation, the transport of a planetary ␤ plume is estimated from the linear vorticity balance (Spall 2000) to be about 200 Sv, or more than an order of magnitude larger than the observations.
The hypothesis we pursue here amounts to a refinement of the second hypothesis noted above; namely, we know from observations (Price et al. 1993 ) that entrainment by the Mediterranean overflow occurs on a continental slope and not over the open ocean or adjacent to a vertical wall. Hence we test whether the Azores Current may be a branch of a topographic ␤ plume rather than a planetary ␤ plume. When the background potential vorticity (PV) gradient is dominantly controlled by the bathymetric slope, the transport of a linear topographic ␤ plume (V ) can be estimated as
where W is the diapycnal transport, L y is the length of the entrainment region across the slope, and ␤* is the topographic ␤, which is f o ␣/H with f o , ␣, and H as the Coriolis parameter, slope, and mean upper-layer thickness, respectively. Reasonable parameter values are
, L y ϭ 30 km, ␣ ϭ 0.01, and H ϭ 600 m, so Eq. (1) estimates the transport of the topographic ␤ plume driven by the Mediterranean overflow as 4 Sv (including the mass entrained to the overflow layer). Thus, the hypothesis that the Azores Current is a branch of the topographic ␤ plume seems plausible, insofar as it gives a reasonable estimate of the transport. This, however, leaves open the question of how a topographic ␤ plume could be connected to the open ocean and establish a zonal current such as the Azores Current.
e. The goal and the outline
The goal of this paper is to understand the basic dynamics of interaction between the upper ocean and an overflow, and specifically to explain the flow field of case 1, which we believe has an analog of the Azores Current. Outstanding questions include the following: 1) How does the upper ocean balance the mass loss caused by entrainment? 2) Can an overflow affect the upper ocean on a basin scale?
The first question is examined in section 2 using a comparatively simple and idealized ocean model (simple compared with a full GCM). The method for examining the overflow-upper-ocean interaction is the PV balance based on the concept of a ␤ plume. The second question is examined in section 3, where we test the basin-scale impact of overflow-upper-ocean interaction and the hypothesis that the Azores Current is a branch of a topographic ␤ plume. Summary and remarks will be presented in section 4.
The numerical model and idealizations of the bottom topography
The flow field of case 1 is complex in part because that experiment employs realistic bottom topography. To understand which aspects of the topography are FIG. 3 . A snapshot of the sea surface height for case 1 (shaded gray every 1 cm). The isobaths are contoured in black solid lines from 0-to 900-m depths every 300 m. Entrainment of 2.0 Sv is specified to occur within the rectangular boxed region near the Strait of Gibraltar between 300 and 600 m deep. The maximum depth in the Atlantic is 2000 m and is basically flat since seamounts are excluded for simplicity. Cyclonic eddies form along the northern part of the Gulf of Cadiz. An eastward zonal jet that forms between 34°and 36°N has a transport of 4.0 Sv and is analogous to the Azores Current; the westward zonal jet that forms between 37°and 38°N with a transport of 2.0 Sv is analogous to the Azores Countercurrent. most important, we have designed two idealizations of the continental slope topography. In case 2, described in this section, the continental slope is assigned a realistic value of 0.01, which is uniform along the entire eastern boundary of the ocean (Fig. 4) . In case 3, described in section 3, the slope is increased downstream of the Strait of Gibraltar to represent the increase in bottom slope that occurs at about 8°W in the Gulf of Cadiz (Fig. 3) . A basinwide upper-ocean circulation appears in this third case, and hence we conclude that bottom topography is of first importance for the overflow dynamics.
a. Details of the numerical ocean model
The numerical ocean model used in all three experiments is a two-layer isopycnal model built from the Hallberg isopycnal model (Hallberg 1997 ). The two layers represent the overflow and its overlying oceanic layers with a density difference of 0.5 kg m
Ϫ3
, which represents that after entrainment (Price et al. 1993 ). The interface between the overflow and upper oceanic layers is about 900 m in the open ocean, which is where the overflow is observed to stop its descent and become neutrally buoyant (Ambar and Howe 1979) .
The domain is 600 km long meridionally and zonally with a resolution of 4 km. The earth's rotation is represented by a ␤ plane that has f increasing to the north with ␤ ϭ 2 ϫ 10 Ϫ11 m Ϫ1 s
Ϫ1
. The bottom topography for case 2 is flat and 2000 m deep over the open ocean, with a uniform slope of 0.01 along the eastern boundary (Figs. 4a,b) , a representative value for the slope of the Gulf of Cadiz. For these parameters, the dominant background PV gradient is the planetary ␤ in the open ocean region and topographic ␤ in the continental slope region (Fig. 4c) .
A marginal sea, located on the southeast corner of the open ocean, is connected to the continental slope region by a strait 16 km wide and 300 m deep. An overflow of 1.0 Sv exits the marginal sea into the open ocean. The isobaths are straight along the continental slope so that the overflow does not experience any curvature while flowing through the strait. This overflow is created by pumping 1.0 Sv of mass into the overflow layer within the marginal sea, while pumping an equivalent amount of mass out of the upper-ocean layer. To maintain constant volumes of both upper-ocean and deep-(overflow) ocean layers, a diapycnal mass flux of 2.0 Sv returns water from the deep layer to the upper oceanic layer within an oceanic reservoir situated on the southern edge of the open ocean (Fig. 4) .
The overflow entrains 2.0 Sv of upper oceanic water in a specified region near the strait: 20-80 km downstream from the strait, between 300 and 620 m, and with a uniform diapycnal velocity (w* ϭ 1.6 ϫ 10 Ϫ3 m s
). In the real ocean, the location and the magnitude of entrainment depend on dynamics, but here we have prescribed the location and magnitude of entrainment based on the observations of Baringer and Price (1997 ) are used for friction, but the bottom friction will act only on the layer that directly contacts the bottom bathymetry. Biharmonic viscosity is used to dissipate the small-scale numerical noise of the overflow layer where its layer thickness is close to zero. Laplacian viscosity is used to effectively dampen the western boundary currents. Within 50 km from the western boundary, A H increases exponentially from 10 to 1000 m 2 s Ϫ1 westward. Without this enhanced A H near the western boundary, a strong inertial gyre develops and disrupts the interior flow field (Veronis 1966; alternatively, the inertial gyre could be avoided by greatly increasing the meridional domain size, which is computationally expensive). Note that friction is kept small outside the western boundary so that the dynamics in the ocean interior are not highly sensitive to the chosen frictional parameters.
b. The formation of a trapped topographic ␤ plume
The instantaneous flow field of case 2 shows significant eddy variability. The upper layer responds to the overflow layer and entrainment by forming cyclonic and anticyclonic eddies (Fig. 5a ). The cyclonic eddies have a sea surface height of Ϫ20 cm, a radius of 50 km, and a maximum azimuthal velocity of 10 cm s
Ϫ1
. They are stronger and more numerous than the anticyclones that form on the inshore part of the continental slope because of the vortex stretching associated with entrainment. The overflow layer descends the slope roughly as expected from the frictional Ekman number while forming anticyclones (Fig. 5b) .
The time-mean sea surface height shows the formation of a cyclonic topographic ␤ plume along the continental slope with a transport of 3.3 Sv, roughly matching the estimate from Eq. (1) (Fig. 5c ). The mean transport of this circulation appears to be largely controlled by the topographic ␤ and is found to vary according to Eq. (1) as the magnitude of entrainment varies (Fig.  5d) , although slightly less with the presence of the overflow layer below. The upper-ocean eddies are energetic, but nevertheless the mean transport of thickness uh is primarily carried by the mean flow uh in this experiment. Thus, the response of the upper layer to an overflow in this case (and generally) is found to be the establishment of a topographic ␤ plume.
Notice that this case 2 topographic ␤ plume does not connect with the ocean interior and hence does not make an analog of the Azores Current. The large PV gradient set by the slope inhibits flow in the cross-slope direction and thus separates the slope region from the open ocean (Brink 1997) . However, when an inertial overshoot occurs at the northern boundary, the topographic ␤ plume does extend into the open ocean with an anticyclonic circulation to its south (Figs. 5a,c) . Once the flow connects to the open ocean, the background PV gradient is mainly the planetary ␤, and so the flow becomes zonally oriented. These two gyres are established along the northern boundary of the model, unless the domain is made sufficiently large meridionally so that the background PV contours in the continental slope region are directly connected to the open ocean region (estimated to be about 1500 km).
This case 2 experiment shows that the basic upper oceanic response to overflows is to establish a topographic ␤ plume with a transport that is a few times larger than that of the underlying overflow. The circu-lation is aligned along the slope and remains trapped within the continental slope region for a meridional distance of O(1000 km). Evidently, something else is required for the topographic ␤ plume to become a basin-scale flow, that is, to form an Azores Current.
The formation of a basin-scale topographic ␤ plume
Next, the upper-ocean response to an overflow is examined in the presence of a slope change. This is the second feature recognizable in the continental slope of the Gulf of Cadiz (Fig. 3) , and it will be shown here that this feature is essential for the topographic ␤ plume to connect to the open ocean and to become a basin-scale flow.
a. The slope change and its effect
A region of steep slope is added to the model used in case 2 while keeping the coastline straight (Fig. 6) :
where x e is the location of the eastern boundary in x, a is the half-transitional scale of the slope change (20 km), and y c is the location where the slope changes from 0.01 to 0.04 in y, which is about 150 km from the strait and is also the length scale from the Strait of The upper layer responds to entrainment by establishing a topographic ␤ plume (Fig. 7a ) similar to that observed in case 2 (Fig. 5) where the slope is gentle. A southward flow forms on the offshore side of the slope and a northward flow forms on the onshore side of the slope. However, the topographic ␤ plume extends into the open ocean where the slope is steep. An eastward jet thus forms in the open ocean with a transport of 3.2 Sv and a width of 100 km, which is analogous to that formed in case 1 (Fig. 3) . A westward flow also forms along the northern boundary with a transport of 1.2 Sv and a width of 200 km. Thus the slope change appears to be crucial for extending the topographic ␤ plume into a basin-scale flow. Once the flow connects to the open ocean where planetary ␤ is the dominant background PV gradient, the topographic ␤ plume becomes zonally oriented and establishes the two zonal jets that look similar to the planetary ␤ plume. While the flow in the upper layer becomes a basin-scale flow, the overflow remains trapped along the continental slope even after reaching a depth of 900 m (Fig. 7b) . The overflow is still in direct contact with the continental slope and remains strongly controlled by the topographic ␤. (Fig. 4) . 
b. The eddies and their role in the slope-transition region
What processes are responsible for connecting the topographic ␤ plume to the open ocean? The processes can be revealed from the full PV equation of the upper oceanic layer:
where U is the transport, q is the PV, F is the friction, an overbar represents the time mean, and the prime represents fluctuation, with subscript 1 used for the values for the upper layer. The mean background PV gradient ١ q 1 is largely controlled by the slope:
͑4͒
The term on the left-hand side of Eq. (3) represents PV advection due to a flow across isobaths. The three terms on the right-hand side of Eq. (3), PV forcing (q 1 w*), eddy-PV flux divergence (١ · UЈ 1 qЈ 1 ), and friction (k · ١ ϫ F 1 ), are the three processes in this model that can induce a flow across isobaths. For case 3, the dominant PV balance in the entrainment region is between the PV forcing and the PV advection terms (Figs. 8a-d) . But in the steep-slope region, the dominant balance is between the PV advection term and the eddy-PV flux divergence term. Friction is significant only adjacent to the eastern boundary. The PV balance shows that eddies allow the topographic ␤ plume to flow across isobaths and become a basin-scale flow. Examining the eddy-PV flux using the quasigeostrophic (QG) approximation (which is valid here) reveals that the eddies in the slopetransition region are found to play a role that can be interpreted qualitatively as viscosity. Under the quasigeostrophic approximation, the eddy-PV flux divergence term can be divided into a Reynolds stress term (the eddy-momentum flux along isopycnals) and a form drag term (eddy-momentum flux across isopycnals; Rhines and Holland 1979; Plumb 1986 , L ϭ 20 km, hЈ ϭ 10 m, and H 1 ϭ 600 m, which are the representative values for the eddies in the steep-slope region, Eq. (5) gives an estimate of 0.17. Furthermore, the Reynolds stress in the cross-slope direction, which is the main component for the eddy-PV flux divergence, shows that the eddies are moving momentum down the mean gradient of the flow (across slope). Thus, the eddy-PV flux divergence term can be represented approximately as momentum diffusion, that is, something like a viscosity times the mean gradient:
where x is the direction perpendicular to isobaths and A* H is the "effective" viscosity due to eddies, often termed "eddy viscosity coefficient." Here, A* H is estimated to be about 460 m 2 s Ϫ1 where the slope changes from gentle to steep (Fig. 8e) . The reason for such a strong down-gradient vorticity transfer in the slopetransition region may be due to geometric changes in the eddy size or additional instability where the slope changes abruptly (Bracco and Pedlosky 2003) , but further investigation is required to understand this.
The experiment of case 3 shows that the topographic ␤ plume will become a basin-scale flow in the presence of a steep slope. Enhanced dissipation by eddies enables the topographic ␤ plume to flow across isobaths and connect to the open ocean.
c. The lateral Ekman number and the topographic ␤ plume
The enhanced dissipation created by eddies in the slope-transition region appears to be the essential process that causes the topographic ␤ plume to connect to the open ocean (Fig. 7b) ; without this enhanced dissipation, the topographic ␤ plume likely remains on the slope, as observed in case 2 (Fig. 4c) . The role of dissipation can be modeled as an eddy viscosity that diffuses the topographic ␤ plume offshore. The magnitude can be diagnosed from the lateral Ekman number ␥, the angle of the flow crossing the isobaths (Fig. 9a) . A flow with a large ␥ will flow across isobaths with a steeper angle than a flow with a small ␥. Thus ␥ represents the effect of the eddy viscosity on changing the PV of a water column, which is otherwise flowing in the alongslope direction.
The linear-vorticity balance of Eq. (6) (Pedlosky 1974 ) is used to estimate the lateral Ekman number:
where H 1 is the mean upper oceanic layer thickness in the continental slope region and overbars are neglected from u and (Fig. 9b) . Here, A H is assumed constant, and its variance will be discussed later. This linearvorticity balance Eq. (7) is then seen to be a balance between the mean PV advection (the left-hand side) and the convergence of the viscous flux of the relative vorticity associated with the flow in the along-slope direction (the right-hand side). By taking the width scale of the flow ‫ץ‬x to be half the mass sink (external forcing) size X o /2, Eq. (7) can be scaled and then solved for u/, which is the angle of flow across the slope and also the lateral Ekman number ␥:
Here, X o is eliminated from this equation using ␦h ϭ ␣(X o /2), the topographic depth difference across the flow. Equation (8) shows that ␥ will increase quadratically as the slope increases, provided that A* H is a constant and not dependent on the slope. So even if A* H is the same, a flow will cross the slope at a steeper angle if the slope is itself steeper. If ␥ is known, the location where the topographic ␤ plume will connect to the open ocean can be estimated (Fig. 9a ). We will focus on the incoming (eastsouthward) branch of the topographic ␤ plume because this branch becomes the flow that is analogous to the Azores Current. Although the flow is eastward, the planetary Rossby waves that establish the open-ocean flow travel westward from the slope region to the open ocean. Taking the distance between the entrainment region and the open ocean to be m, the distance l required for the flow to connect to the open ocean is
where ␦H 1 is the upper-layer thickness difference from the entrainment region to the open ocean and Eq. (8) is substituted for ␥. This scale estimate in Eq. (9) shows that l decreases proportionally as the inverse cube of ␣, a similar behavior as the arrested topographic wave on an f plane (Csanady 1978) . Although the background PV gradient will increase with ␣, the length scale in the cross-slope direction will also increase with ␣. It is this latter effect that dominates and thus leads to a decrease in l as ␣ increases. A linear, barotropic single-layer model is used to test whether Eq. (9) gives a fair scale estimate of l. This model represents only the upper oceanic layer and neglects the overflow layer, so that the maximum depth in the open ocean is 900 m and the single moving layer is in direct contact with the slope in the continental slope region. Eddies are parameterized as a viscosity-like term, and A* H is temporarily set to 10 m 2 s
Ϫ1
, the background viscosity coefficient used in cases 1-3. The strength and the location of the mass sink in this model are exactly the same as in case 2. As expected, the topographic ␤ plume will not connect to the open ocean when the slope is gentle (0.01) and constant and when the meridional extent of the model is small (Fig. 10a) . When the meridional size of the model is increased to 2000 km, a broad eastward flow forms, centered at about 800 km from the entrainment region; as the slope is increased, l is found to decrease roughly according to Eq. (9) (Fig. 11) . Note that the depth range of the entrainment region (between 300 and 600 m deep) and the maximum open-ocean depth (900 m) are kept fixed, but the slope varies so that the PV difference between the entrainment region and the open ocean remains the same in all experiments. When the slope is fixed to 0.01 and A* H is varied instead, l is found to decrease proportionally as the inverse of A* H , also according to Eq. (9) (Fig. 11) . Thus the linear barotropic model shows that when the basic vorticity balance is the linear balance [Eq. (7)], Eq. (9) does give a fair estimate of l and the location where the zonal jet forms.
The topographic ␤ plume in case 3 likely connects to the open ocean with a small l because of the significant increase of ␥ in the slope-transition region due to large ␣ and A* H . Based on Eq. (9), l is estimated to be less than 10 km when the slope is 0.04. This small l matches the result in case 3, where the eastward zonal jet forms close to the slope-transition region (Fig. 7a) . A narrow zonal jet is indeed observed to form at the latitude of the slope-transition region also in the linear barotropic model, which is similar to case 3 when A* H is locally increased to 500 m 2 s Ϫ1 in the slope-transition region, so that A* H in the linear barotropic model will roughly mimic the role of eddies in case 3 (Fig. 10b) . In the rest of the basin, A* H is 10 m 2 s
. It is worth stressing that the significant increase in ␥ is a result of an increase in both ), an eastward zonal flow forms in the open ocean interior that is farther north and broader than that found in case 3 (Fig. 10d ).
An additional offshore diffusion of the topographic ␤ plume may have occurred in case 3 also because of the spatial variation of A* H . When A* H varies spatially, the eddy-viscosity term is a sum of two terms:
Note that the second term of Eq. (10) is zero if A* H is a constant. However, when A* H varies in the across-slope length scale similar to the length scale of the topographic ␤ plume, the two terms on the right-hand side of Eq. (10) may be of similar magnitude. This spatial variability of A* H can thus change the effectiveness of eddies in diffusing the topographic ␤ plume offshore.
Summary and remarks
The goal of this paper is to better understand the interaction between an overflow and the upper ocean, with some emphases on the latter. At the outset we identified two outstanding questions and here we review our responses: 
a. Comparing other features of the case 1 solution with observations
The size and magnitude of the cyclonic eddies forming in the upper layer of the northern half of the Gulf of Cadiz in case 1 (Fig. 3) are analogous to those observed near the surface adjacent to Meddies (Carton et al. 2002) . Whether the cyclonic eddies outnumber the anticyclonic eddies in the real ocean remains unclear, but the high time variability observed in the northern side of the Gulf of Cadiz from satellite altimetry (Høyer et al. 2002) may be another indication of the high eddy activity in the overflow region. The time variability of 7-8 days observed in the overflow layer of the model is also similar to the 7-9-day period time variability observed at Portimão Canyon, Portugal (Chérubin et al. 2003) . The westward zonal jet, having a width of about 100 km and a transport of about 2 Sv that forms in case 1 near 38°N (Fig. 3) , is perhaps analogous to the Azores Countercurrent. Although observations of this current are unclear, these results suggest that the formation of such a current is a direct result of the topographic ␤ plume driven by the Mediterranean overflow. To observe the westward flow within the Gulf of Cadiz, a monitoring of the velocity field for more than a few days is necessary since the transient eddy flow field is likely overwhelming. Some investigators have proposed that the Azores Countercurrent may be driven by the eddies created by the Azores Current that are caused by baroclinic instability (Alves et al. 2002) . This eddydriven mechanism will establish two westward countercurrents, north and south of the Azores Current, wherever the Azores Current is unstable. In contrast, the formation of a westward countercurrent by the topographic ␤ plume will only create one countercurrent, to the north of the Azores Current, which originates from the eastern boundary. The two mechanisms (topographic ␤ plume and baroclinic instability) may very well coexist, but further observations are required to know if either prevails.
b. Future directions
The model used in this paper simplifies several features of the real ocean, including entrainment dynamics, which were here specified. Since this process is an area of intensive ongoing research, we will emphasize three other possible areas for extension of this study: the effects of stratification, the exchange flow at the Strait of Gibraltar, and wind stress over the open ocean.
1) STRATIFICATION
The zonal jets in cases 1 and 3 are fairly steady, but additional calculations with more layers and thus more realistic stratification have shown greater time variability due to baroclinic instability as more layers are added (more realistic stratification). The present two-layer solutions satisfy the necessary condition for baroclinic instability but with a slow growth rate, about 100 days based on Phillips's model (Pedlosky 1987) ; strong time variability was not observed in cases 1 and 3. By comparison, the actual Azores Current has an estimated growth rate for baroclinic instability of about 8 days (Kielmann and Käse 1987) . This great difference in growth rate arises because the speed of the zonal currents is underestimated in our two-layer solutions even if the transport is realistic. More time variability is expected as more realistic stratification is included and the zonal jets become more strongly surface intensified.
2) EXCHANGE FLOW
An upper-ocean transport of a little less than 1.0 Sv enters the Mediterranean Sea from the Atlantic (Bryden and Stommel 1984) . This upper-layer inflow to the Mediterranean Sea was not included in the present model experiments so as to isolate the effect of overflows on the upper ocean. Additional calculations that include this inflow show that the transport of the westward branch of the topographic ␤ plume weakens by a little less than 1.0 Sv, while the eastward branch is largely unaffected. The interaction between the two flows is likely inhibited because of the significant PV difference between them. Compared to the water mass that is entrained into the Mediterranean overflow, the water mass that flows into the Mediterranean Sea is considerably shallower and less dense.
3) THE WIND-DRIVEN GYRE
Perhaps the biggest feature that is missing from our model is the wind-driven gyre, which may interact with the topographic ␤ plume on a very large scale in the open ocean. The transport of the Azores Current that enters the Gulf of Cadiz is estimated to be about 4.0 Sv (Paillet and Mercier 1997) , which is what we find here, but this is about half of the Azores Current transport observed in the open ocean, 7.0-13.0 Sv (Gould 1985; Klein and Siedler 1989) . Could this difference of 3.0-8.0 Sv be a result of the interaction between the topographic ␤ plume and the wind-driven gyre? Observations (Fig. 2) and data-assimilation experiments (Gebbie 2004) indicate that the Sverdrup interior is mostly meridional at these latitudes, so that a simple superposition of the topographic ␤ plume onto the wind-driven gyre would create a zonal kink to the sea surface height contours but would not be expected to enhance the zonal transport. The transport enhancement could perhaps be a result of eddydriven mean flow associated with baroclinic instability of the Azores Current. For now, though, the question of why the Azores Current has a transport of about 8.0-13.0 Sv in the open ocean is not answered in this study.
c. Closing remarks
Among the five major overflows noted in the opening section, the Mediterranean overflow appears to be the only one that is likely to exert this more or less direct ␤-plume effect on the upper ocean on a basin scale. The Faroe Bank Channel overflow is on a northern boundary, so the PV contours created by the continental slope roughly coincide with those of the planetary PV contours. The topographic ␤ plume is thus likely to be trapped within the continental slope. The Denmark Strait and Filchner Bank overflows exist on the western boundary, so there is no open ocean to the west into which the topographic ␤ plumes can expand. Moreover, the energetic western boundary currents around these overflows are likely to be overwhelming. The strong cyclonic eddies in the upper oceanic layer that form in our experiments are somewhat analogous to the ones observed downstream of the Denmark Strait (Bruce 1995) , though there are other hypotheses for the formation of such cyclones (e.g., Lane-Serff and Baines 1998; Spall and Price 1998). The topographic ␤ plume associated with the Denmark Strait overflow may also continue along the continental slope of Greenland and extend into the Labrador Sea. This scenario qualitatively matches with the numerical model result by Käse et al. (2001) , which showed that the Denmark Strait overflow plays an important role in the formation of the narrow cyclonic circulation along the western boundary of Greenland and the Labrador Sea (Lavender et al. 2005) . However, further experiments are required for a more detailed comparison. The Red Sea overflow is unlikely to establish a topographic ␤ plume because entrainment occurs over a length scale of about 5 km, which is much smaller than the deformation radius (about 50 km; Özgökmen et al. 2003) , and thus the dynamics are unlikely to be governed by the rotation of the earth.
The current state-of-the-art climate models and OGCMs have well-known difficulties reproducing the observed temperature and salinity structures in the regions where overflow waters are dominant (Gnanadesikan et al. 2006) . Part of the difficulty is in the parameterization of entrainment by overflows, which has been a topic of intensive research (Price and Yang 1998; Legg et al. 2006) . This study suggests that parameterization of overflows should include not just entrainment but also the effect of the vortex stretching on the upper layer for at least some overflows, almost certainly the Mediterranean overflow for the reasons noted above. An entrainment parameterization that places entrainment over the open ocean (not directly on a boundary) will result in vortex stretching, assuming only volume continuity. Indeed, a new, highresolution regional simulation with such an entrainment parameterization has shown that the Mediterranean overflow is capable of forcing an Azores Current (Peliz et al. 2007 ). However, an entrainment parameterization placed on a side wall, for example, the marginal sea boundary condition of Price and Yang (1998) , may need to be extended to account for vorticity consequences. Of course, even if a semiexplicit treatment of overflows is not possible in a given OGCM because of limited resolution, it may nevertheless be helpful to know that an Azores Current should not be expected if an entraining Mediterranean overflow is missing.
